[1] This paper suggests and explores mechanisms relevant to millennial-scale climate variability during glacial periods. In particular, we present the results of model studies that are able to reproduce many aspects of observed glacial climate variability (e.g., Dansgaard-Oeschger oscillations) without external forcing and that provide a natural explanation for the prevalence of high-amplitude variability in glacial climates and the relative stability of the Holocene. We show that the role of sea ice is critical to cold climate variability because of the effective reduction in the high-latitude meridional sea surface temperature gradient resulting from sea ice expansion and the associated role of sea ice in inhibiting heat flux from the ocean to atmosphere. Thus as sea ice expands in a cooler climate, the high-latitude oceanic heat loss to the atmosphere is inhibited, the thermohaline circulation weakens, and the sinking regions move equatorward, leading to a shallower and weaker deep circulation. This weak circulation is unstable, and intermittent high-amplitude oscillations occur on a timescale and with a spatial structure very similar to Dansgaard-Oeschger cycles. Consistent results are found using both a three-dimensional ocean circulation model coupled to an energy balance atmospheric model and with a much simpler ocean box model. In general, freshening plays a secondary role in the weakening of the North Atlantic thermohaline circulation. Significant freshening is required to alter the stable northern deepwater formation that occurs in a warm climate such as today's Holocene, but once this freshening threshold is achieved, the thermohaline circulation shifts to reverse overturning with sinking in the tropics. 
Introduction
[2] Several aspects of the geological record from the last glacial period have continued to lack adequate explanation. In particular, the high-amplitude variability in temperature on millennial timescales (Dansgaard-Oeschger cycles) , as well as abrupt transitions between North Atlantic thermohaline circulation states remain perplexing [Dansgaard et al., 1984 [Dansgaard et al., , 1993 Sarnthein et al., 1995; Clark et al., 2002; Pflaumann et al., 2003] . In this paper, we show how these and other features of glacial climates may arise naturally from the prevailing cold conditions.
[3] The geologic evidence for Dansgaard-Oeschger events is widespread over much of the Northern Hemisphere so the mechanisms involved must influence climate on a correspondingly large scale Broecker and Hemming, 2001; Voelker, 2002] . Since oceanic heat transport by the thermohaline circulation has potential for global impact, its variability would provide an explanation for glacial warm cycles Ganachaud and Wunsch, 2000; Broecker and Hemming, 2001] . However, although the variability and possible multiple equilibrium states of the thermohaline circulation have long been thought relevant to this issue [Stommel, 1961; Manabe and Stouffer, 1988] , a robust mechanism for producing self-sustained oscillations, which are of a large magnitude only in a glacial climate, and require no external triggering, has remained elusive. Furthermore, the increased overall pole-to-equator atmosphere temperature gradient of glacial climates might suggest a more vigorous and perhaps more stable thermohaline circulation, whereas the opposite appears to have been the case [CLIMAP Project Members, 1976; Broecker, 1996; Ruhlemann et al., 1999] . Nevertheless, proxies for low temperatures, and for reductions in North Atlantic Deep Water production, coincide in ocean sediments, suggesting that weaker North Atlantic Deep Water formation was associated with high-latitude cooling during glacial periods [Boyle and Keigwin, 1985; Keigwin and Jones, 1994; Rutberg et al., 2000] . This evidence supports the hypothesis that climate variability during the last glacial period is linked to reductions in northern heat transport by the thermohaline circulation.
[4] Most attempts to explain glacial cooling and variability have focused on steady or periodic high-latitude freshening of the North Atlantic [Stocker and Wright, 1991; Weaver et al., 1991; Stouffer, 1995, 1997; Peltier, 1997, 1999; Ganopolski and Rahmstorf, 2001; Clark et al., 2002; Rahmstorf, 2002] . Typically, applied freshwater forcing induces switching between states of thermohaline circulation and one explanation for glacial climate variability is periodic switches between circulation states [Alley et al., 2001; Rahmstorf, 2003 ]. Here we show that cold conditions alone are sufficient to produce weakness in the thermohaline circulation, switches between circulation states and climate variability which are physically similar to Dansgaard-Oeschger cycles. With this ''cold climate'' mechanism, no external freshwater forcing is required to explain the observed variability in the North Atlantic region during the last glacial period.
[5] Although geologic evidence supports a link between climate variability during the last glacial period and reductions in northern heat transport by the thermohaline circulation, a direct connection between high-latitude freshening and thermohaline circulation variability is not always apparent. For example, there is an increase in the strength of the thermohaline circulation and rapid warming following large surface fluxes of fresh water ($0.16 Sv) during Heinrich events [Heinrich, 1988; MacAyeal, 1993] . So a mechanism, such as the one we present, for climate variability during cold periods which does not require external freshwater forcing is consistent with the geologic record for the North Atlantic region during the last glacial period.
[6] In order to separate the effects of cooling the climate system from the effects of high-latitude freshening we conduct two sets of experiments: First, we cool the atmosphere without changing the salinity forcing to simulate glacial cooling (''cooling without freshening''). Second, we increase high-latitude freshening without changing the surface temperature (''warm climate with freshening'').
[7] Both of our experiment sets start with the same warm climate experiment (control experiment) that exhibits thermohaline circulation characteristics which are similar to the current North Atlantic thermohaline circulation. In our analysis we include a detailed comparison between our model results and the geologic record for the last glacial period.
[8] The organization of this paper is as follows. In section 2 we briefly describe our models. A more detailed description of the four-box model is in the Appendix. In section 3 we describe the results of experiments with our coupled three-dimensional ocean model and include a detailed comparison between our three-dimensional model results and the geologic record for the last glacial period. For analysis purposes we include similar experiments with a simple four-box ocean model (section 4). In section 5 we discuss our conclusions.
Models
[9] We use two types of coupled ocean models to perform our experiment sets. For the most realistic simulations, we use a single-hemisphere three-dimensional ocean model coupled to an energy balance atmosphere model and a thermodynamic sea ice model. A single-hemisphere model is appropriate for this study because, although there is some evidence for Dansgaard-Oeschger cycles in the Southern Hemisphere, they are most prevalent in the North Atlantic region (which suggests that they originate there). We certainly do not preclude interhemispheric effects in the Atlantic Ocean, but it behooves us to try to explain glacial variability in the simplest possible way, with the simplest possible geometry.
[10] For analysis of our three-dimensional results we use a simple four-box ocean model coupled to a very simple energy balance atmosphere model and include a sea ice parameterization. The results from this box model generally corroborate results from our three-dimensional model (and geologic evidence), and the box model is a tool for isolating physical mechanisms underlying our findings.
Three-Dimensional Ocean Model
[11] Our ocean model is a hydrostatic, Boussinesq, planetary geostrophic ocean model, with both temperature and salinity, in a rectangular ocean basin which extends from approximately 15°N to approximately 65°N and which is approximately 50°in zonal extent Vallis, 1996, 1997] . The horizontal resolution is about 1.5°and there are 32 depth layers. The surface boundary conditions include a fixed zonal wind profile, a baseline freshwater flux specified as evaporation minus precipitation ( Figure 1 ) and sensible heat flux which is proportional to the difference between the sea surface temperature and the nearsurface atmosphere temperature, as calculated by the energy balance atmosphere model. The freshwater flux associated with melting and freezing sea ice is added to the baseline freshwater flux (Figure 1 ).
Energy Balance Atmosphere Model
[12] Our energy balance atmosphere model is twodimensional but otherwise of a standard type with a diffusive horizontal heat transport and radiation scheme which follows that of Fanning and Weaver [Fanning and Weaver, 1996] .
[13] The atmosphere temperature evolution is calculated by
[14] The temperature of the atmosphere is determined by the balance among insolation (S 0 (1 À a)), outgoing infrared radiation (esT a 4 ), sensible heat transfer between the atmosphere and ocean (rC H C a U(T o À T a )) and horizontal transport of heat in the form of diffusion (rDHC a r 2 T a ). Refer to Table 1 for energy balance and ice model constants. The surface albedo is increased by 0.20 when the ice thickness exceeds 0.2 m at any grid point. To incorporate random climate effects (weather) we include stochastic forcing on the atmosphere temperature.
[15] We use planetary emissivity (e) as a parameter to simulate colder or warmer climates. Ice core data show that the concentrations of greenhouse gases (methane and carbon dioxide) in the atmosphere were significantly lower during the last glacial maximum than they are today . Reducing greenhouse gases reduces the effective emitting height of the atmosphere and cools the climate, and in our model increasing the planetary emissivity (e) is a parameterization for this.
Thermodynamic Sea Ice Model
[16] Our sea ice model is based on Semtner's [1976] zero layer ice model and Parkinson and Washington's [1979] sea ice model.
[17] Ice is initially formed when the surface temperature of the ocean is below the freezing point (271.2 K). The thickness of the newly formed ice (H) is determined by the following equation:
T o is the sea surface temperature and H is the ice thickness. Refer to Table 1 for additional constants. When ice forms it is presumed to cover a complete grid point. Equation (2) is used as a test for a minimum ice thickness (0.2 m) which covers a complete grid point. Fluxes between the atmosphere and ocean are calculated as if there is no ice until this minimum is achieved. After ice is initially formed, the ocean surface temperature is set to the freezing point. Thus the newly formed ice releases the exact amount of energy required to keep the ocean surface layer at the freezing point.
[18] Once ice forms, ablation and accretion of ice at the bottom is determined by the following equation:
[19] The freshwater flux from melting or freezing ice is added to or subtracted from the baseline E-P curve (Figure 1 ), and 1 m of melted ice produces 0.96 m of freshwater flux into the ocean surface. Freshwater fluxes in the region of deep water formation are known to be an important factor in stability of the thermohaline circulation [Broecker et al., 1990; Fanning and Weaver, 1996; Manabe and Stouffer, 1997; Sakai and Peltier, 1997] . Conduction through the ice (k 1 (T b À T s )/H) and sensible heat transfer between the ocean and the ice (k 2 (T b À T o )) are balanced at the bottom of the ice. The diffusion term (k 3 r 2 H) allows for horizontal transport of ice. When ice is present the temperature at the bottom of the ice (T b ) is set to the freezing point (271.2 K) and the temperature at the top of the ice (T s ) is set to the temperature of the atmosphere.
[20] When there is no growth at the top of the ice, the conductive flux through the ice (k 1 (T b À T s )/H) must equal the heat flux (F ia ) from the surface of the ice into the atmosphere [Lohmann and Gerdes, 1998 ]. The flux balance at the top of the ice is
[21] The conductive heat flux through the ice (k 1 (T b À T s )/H) is calculated based on the difference between the temperature at the bottom of the ice (T b , freezing point) and the temperature at the top surface of the ice (T s ). We assume that the temperature at the surface of the ice is equal to the atmosphere temperature (T s = T a ). Since the conductive heat flux through the ice must exactly balance the heat flux from the ice to the atmosphere when there is no ice growth at the top surface (equilibrium), in our model the conductive heat flux (k 1 (T b À T a )/H) is transferred directly to the atmosphere.
Four-Box Coupled Model
[22] Our four-box ocean model is based on Winton's three box halocline oscillator [Winton, 1993] . We added a midlatitude surface box (three surface boxes), vertical heat transport between the surface ocean boxes and a simple atmosphere. The midlatitude box is important, because reconstructions of glacial thermohaline circulation suggest that the sinking region for North Atlantic Deep Water formation may have shifted southward from the Nordic Seas to the North Atlantic [Duplessy et al., 1988; Bigg et al., 2000] . Our coupled atmosphere is based on Rahmstorf's [1994] atmosphere model with a restoring term for the atmosphere temperature that parameterizes the effect of radiative heat transport. [23] The box model includes a fractional sea ice cover (a) over the high-latitude and midlatitude surface boxes. The fractional ice cover (a) varies linearly with the atmosphere temperature of the high-latitude box. When the high-latitude atmosphere temperature is 271 K or above there is no ice (a = 0), and when the high-latitude atmosphere temperature is 261 K or below, the highlatitude box is completely covered with ice (a = 1.0). This ice cover does not include feedback from melting and freezing ice but does include ice-albedo feedback on temperature and a lower limit to the high-latitude ocean restoring temperature when sea ice is present. Ice-albedo feedback enhances high-latitude cooling and warming during Dansgaard-Oeschger events and sea ice acts as an insulator between the atmosphere and the ocean. When sea ice is present the ocean surface temperature forcing is effectively fixed at the freezing point, and this serves to flatten the high-latitude temperature forcing at the ocean surface. Small-amplitude changes in the thermohaline circulation may be amplified by ''switch-like'' changes in sea ice because the insulating effect of sea ice and icealbedo feedback combine to enhance atmospheric temperature changes when sea ice melts and forms [Kaspi et al., 2004; Gildor and Tziperman, 2003 ]. The equations for the four-box coupled model are given in the Appendix.
Three-Dimensional Coupled Model Experiments
[24] We conduct two sets of experiments with our coupled atmosphere/sea ice/three-dimensional ocean model. These experiments are (1) ''cooling without freshening'' and (2) ''warm climate with freshening.'' The ''cooling without freshening'' results are split into two sections. First, we discuss the circulation characteristics during cold periods (section 3.1), and second we discuss the variability in some ''cooling without freshening'' experiments (section 3.2). In section 3.3 we discuss the results of our ''warm climate with freshening'' experiments.
Cooling Without Increased Freshwater Forcing
[25] Our first ''cooling without freshening'' experiment is a warm climate experiment to simulate a present day climate (control). In subsequent experiments we cool the atmosphere by increasing the planetary emissivity from e = 0.71 (warm) to e = 0.85 (cold). We use the freshwater forcing shown in Figure 1 for all of the ''cooling without freshening'' experiments. We perform various long (several thousand years) integrations to ensure proper statistical thermodynamic equilibrium.
[ 26 [27] In some of these experiments the circulation is variable (discussed in section 3.2). When variability is present, Figures 2 through 4 show the equilibrium results for the circulation at the weakest point in a cycle.
High-Latitude Sinking
[28] Figure 2 shows velocity vectors for the middlelongitude meridional overturning circulation in the warmest experiment (e = 0.71). In this experiment deep water forms at the northern boundary and penetrates to the bottom of the basin. There is no permanent sea ice (Figure 3 , e = 0.71) and the sea surface density is highest along the northern boundary of the basin (Figure 4 , e = 0.71). The lowest sea surface temperature is confined to a narrow region along the northern boundary (not shown). This circulation is similar to today's warm Holocene climate with strong stable deep water formation at northern latitudes.
Midlatitude Sinking
[29] In experiments with a colder atmosphere, the sinking region (at this middle-longitude location) shifts southward ( Figure 2 , e = 0.72 to e = 0.80), and there is weak penetration of the sinking water to the bottom of the basin. Most of the southern shifted circulation occurs above 2500 m. Figure 3 shows the sea ice for our six progressively colder experiments. In the warmest experiment (e = 0.71) there is no sea ice. In colder climates sea ice forms and expands southward. The highest density region also shifts southward below the southern boundary of the sea ice ( Figure 4 , e = 0.72 to e = 0.80) and the region of constant temperature near freezing surface water expands southward with the sea ice (not shown).
[30] The gradual southward shift of the deep water formation region, and weaker depth penetration of the sinking water, is essentially as some might expect for a glacial climate Sarnthein et al., 1995; Clark et al., 2002] . When the atmosphere is cold, northern latitudes also become less saline (not shown), because the weaker overturning circulation brings less high-salinity water northward [Bryan, 1986; Manabe and Stouffer, 1988] . In summary, in a colder climate sea ice expands southward, high-latitude surface waters freshen and the thermohaline circulation weakens. Some of these cold results also exhibit millennial period variability (discussed in section 3.2).
Low-Latitude Sinking
[31] In the coldest experiment ( Figure 2 ) there is weak sinking in the southern part of the basin, and no deep water or intermediate water formation. Sea ice covers almost half of the basin (Figure 3 , e = 0.85) and the highest density region is along the southern boundary ( Figure 4 , e = 0.85). High-salinity water in the south (not shown) drives the weak reverse-overturning circulation. There is no evidence of these extreme cold conditions and or deep water formation in the tropics in the geologic record for the last glacial period. So, although this may be a possible circulation mode it is unlikely that such a circulation pattern occurred during the last glacial period or during the Holocene.
Variability in ''Cooling Without Freshening'' Experiments
[32] Perhaps the most interesting aspect of these experiments is the robust presence of millennial-scale oscillations in the temperature and salinity throughout the basin pro-duced by changes in the strength of the overturning circulation. These oscillations have many of the characteristics of Dansgaard-Oeschger cycles, as we now describe.
Atmosphere Temperature
[33] One of the distinguishing characteristics of Dansgaard-Oeschger events is their sawtooth-shaped temperature profile [Dansgaard et al., 1993; Bender et al., 1994] . Figure 5 shows high-latitude atmosphere-temperature time series for our six progressively colder experiments. In Figure 5 (e = 0.73) the sawtooth-shaped pattern of rapid warming, followed by slow cooling, and finally rapid cooling, is apparent in many of the short-duration modeled warming events. The longer high-amplitude warm events have a flat top (only slightly sloped). The high-latitude atmospheric temperature change for the modeled Dansgaard-Oeschger cycles is about 15°C to 20°C, which is comparable to, if slightly higher than what ice core evidence suggests [Johnsen et al., 1992; Taylor et al., 1993] . (The amplitude of modeled high-latitude temperature change varies with the magnitude of the ice-albedo feedback.)
[34] In one typical integration, with e = 0.73, warm periods occur approximately every 2500 years, with higher-amplitude warm events at roughly 7000-year intervals. There are no oscillations in the warmest control experiment (e = 0.71) and there are only very low amplitude oscillations in the coldest experiment (e = 0.85). The approximate periods for warm events ($2500 years), and for high-amplitude warm events ($7000 years), are broadly consistent with the evidence from ice cores for DansgaardOeschger events [Johnsen et al., 1992; Bender et al., 1994; Bond et al., 1997; Severinghaus et al., 1998; Bianchi and McCave, 1999] .
[35] The sawtooth temperature profile at high latitudes results from changes in the surface radiative forcing (surface albedo and insulating effect of ice) when sea ice melts and forms. During a warming event, the ice thins and no longer insulates the warmer ocean from the atmosphere; under these conditions the remaining sea ice melts rapidly, and the surface warms rapidly, aided by the decrease in surface albedo. In contrast, after a warming event, the circulation only slowly diminishes and sea ice builds up only gradually, with correspondingly slow surface cooling. Once the sea ice is thick enough to insulate the ocean from the atmosphere, the surface cools more rapidly, causing the abrupt cooling at the end of a cycle. The temperature changes abruptly at northern latitudes, where sea ice is melting and freezing, and changes more gradually at ice-free southern latitudes [Gildor and Tziperman, 2003; Kaspi et al., 2004] . [36] Figure 6 shows a high-and low-latitude atmosphere temperature profile for two warm events in the e = 0.73 experiment. The temperature change at high latitudes is more abrupt and higher amplitude than the temperature change at low latitudes. This is consistent with Blunier et al.'s [1999] findings that Dansgaard-Oeschger events are smaller amplitude outside of the North Atlantic region and the distinct sawtooth profile is most apparent in proxies from northern latitudes [Broecker and Hemming, 2001] .
Sea Surface Temperature
[37] Figure 7 (left) shows a time series of high-latitude and low-latitude sea surface temperature and high-latitude deep-ocean temperature for the e = 0.73 experiment. The high-latitude sea surface temperature changes about 1°C over the first oscillation and almost 5°C over the second oscillation, agreeing with estimates of 2°to 5°C for Dansgaard-Oeschger events [Bond et al., 1993] . At low latitudes and in the deep ocean sea surface temperature changes approximately 2°C over one oscillation. The deep ocean warms gradually between high-latitude warming events and cools rapidly when the high-latitude temperature increases. At low latitudes, the sea surface temperature change is more gradual and generally lower amplitude. The sea surface is warm in the south when the high-latitude Figure 4 . Surface density for ''cooling without freshening'' experiments. In the warmest experiment (e = 071) the highest density water is along the northern boundary where deep water is forming. In the cold experiments (e = 0.72 to 0.80) the sinking region shifts southward. In the coldest experiment (e = 0.85) the highest-density water is along the southern boundary, and there is weak reverse overturning. See color version of this figure at back of this issue.
surface is cool and vice versa, creating a ''seesaw'' effect [Pflaumann et al., 2003] .
[38] An interesting feature of modeled oscillations is the magnitude of temperature change in the deep ocean; the high-latitude deep-ocean temperature change is comparable to the surface ocean temperature change (Figure 7 ). This result suggests that reconstruction of glacial deep-ocean temperature variability would be a useful test of the mechanisms suggested in this paper.
Sea Surface Salinity
[39] Figure 7 (right) shows a time series of high-latitude and low-latitude sea surface salinity and high-latitude deep-ocean salinity in the e = 0.73 experiment. During warming events the high-latitude salinity increases abruptly while the deepocean and low-latitude surface salinity decrease slightly. The salinity at high latitudes increases almost one salinity unit over one oscillation because of northward flux of highsalinity water during a rapid overturning event. Salinity changes in the deep ocean are much smaller amplitude (about 0.1 salinity unit over a single oscillation).
Meridional Overturning Circulation
[40] Figure 8 (top) shows a time series of oceanic (red) and atmospheric (blue) meridional heat transport at approximately 50°N (top) and 40°N (center). Figure 8 (bottom) shows the maximum overturning circulation in sverdrups (red) and the sea ice thickness (blue) at a mid basin location near 50°N. The maximum overturning occurs at about 50°N and at a depth of about 3700 m.
[41] The maximum overturning circulation is very weak between warming events ($0.5 Sv) and increases to over 18 Sv during a warming cycle. Thus a significant increase in maximum overturning circulation accompanies the warming events illustrated in Figures 6 and 7. For comparison, the overturning circulation calculated by this model for a Holocene climate (not shown) with stable deep water formation (e = 0.71) is about 15 Sv.
[42] The 50°N location (Figure 8, top) is near the sea ice edge (see Figure 3) . Because of this the temperature gradient in the atmosphere is very large but the ocean surface is near the freezing point so the ocean surface forcing gradient is flattened. Virtually all of the northward heat transport takes place in the atmosphere, with much smaller northward heat transport by the ocean.
[43] In the first rapid overturning event at 50°N (5400-6000 years) the northward heat transport (Figure 8 , top) increases in both the ocean (red) and atmosphere (blue). During this event the sea ice does not completely melt (Figure 8 , bottom) so the ocean and atmosphere remain insulated from each other and the ocean surface forcing gradient remains flattened. Northern latitude locations warm and southern latitude locations cool slightly during this event as seen in Figures 6 and 7 .
[44] In the second higher-magnitude warming event (around 7600 years) at 50°N the oceanic heat transport (red) increases over the entire warming cycle but the atmospheric heat transport (blue) increases only initially. Once the sea ice completely melts, the atmospheric heat transport is reduced over most of the later part of the second warming cycle. When sea ice completely melts, rapid switches in meridional heat flux (Figure 8 , top) and temperature (Figure 7 ) occur because the ocean surface temperature forcing gradient increases dramatically.
[45] At the 40°N location there is no sea ice and the atmosphere heat transport is comparable to, although still larger than, the oceanic heat transport. Here the northward heat transport (Figure 8 , center) increases in the ocean and decreases in the atmosphere during both warming events. The reduction in atmospheric heat transport corresponds to a reduction in the atmospheric temperature gradient (Figure 6 ). Northern latitudes warm and southern latitudes cool during rapid overturning events as seen in Figures 6 and 7. The increased northward mass transport by the ocean (Figure 8, bottom) increases the northward transport of heat by the ocean (Figure 8, center) .
[46] To explain the reason for the variability in our cold climate simulations, consider the mechanisms of maintaining the thermohaline circulation. The overturning circulation in a basin is particularly sensitive to the surface heat flux at high-latitudes, in the subpolar gyre, because it is buffered from the surface conditions in the subtropical gyre by the presence of a near isothermal base to the ventilated thermocline [Samelson and Vallis, 1997] . Consistently, Winton [1995] found that a high-latitude cover of sea ice, which inhibits heat loss at the ocean surface, leads to weaker thermohaline circulation. Typically, a weak thermohaline circulation is more susceptible to variability [Tziperman, 1997] essentially because, in a weak circulation, there is a closer balance between the competing effects of diffusion and advection, and diffusion can warm and destabilize the abyss. (Figure 7 shows the slow diffusive warming of the deep ocean between warming cycles.) Thus the weak overturning is unstable on the millennial timescale, and occasionally spontaneously transitions to a stronger circulation, with higher temperatures at northern latitudes, that may last for several hundred years. However, the strong circulation cannot be sustained, and the climate slowly reverts to the weaker thermohaline state with lower temperatures. This hypothesis is qualitatively consistent with the geologic record and is a possible explanation of the high-amplitude temperature variability during cold periods.
Characteristics of One Cycle
[47] For analysis of the physical characteristics of these modeled warming events, we plot snapshots of various parameters (velocity vectors, sea surface temperature and sea surface salinity) at strong and weak circulation stages of an oscillation. Figure 9 shows middle-longitude meridional slices of the overturning circulation (velocity vectors) for Figure 6 . Atmosphere-temperature time series for two warm events in the e = 0.73 ''cooling without freshening'' experiment. The high-latitude atmosphere temperature change is out of phase with the lowlatitude temperature change. The low-latitude temperature change is gradual, and the temperature change at high latitudes is more abrupt and higher amplitude. The small-amplitude warm event displays the distinct sawtooth profile for the high-latitude atmosphere temperature. See color version of this figure at back of this issue. each of our snapshot times. During the weakest point in the overturning circulation (Figures 9a and 9c ) northern sinking deep water formation is absent, and is replaced by increased southern sinking intermediate water. This occurs because the sinking region is closer to the boundary between the subpolar and subtropical gyre, and thus is influenced by Ekman pumping, entraining some of the sinking water into the main thermocline and the intermediate water below. When the circulation is strong, the deep water formation shifts to the north (Figure 9b ) and the circulation is as might be expected during the Holocene.
[48] In these experiments, the ocean circulation oscillates between strong convection at the northern boundary ( Figure 9b ) and weaker midlatitude convection (Figures 9a  and 9c ). The changes in position and depth of the overturning circulation over one modeled cycle are typical of the circulation changes expected during a cold glacial climate [Boyle and Keigwin, 1987; Duplessy et al., 1988; Oppo and Lehman, 1995; Sarnthein et al., 1995; Bigg et al., 2000] . In particular, our modeled glacial circulation is consistent with Oppo and Lehman's finding that, during the glacial period, warm events were accompanied by increases in North Atlantic Deep Water production, and is consistent with the finding that North Atlantic Deep Water production was replaced by increased southern sinking intermediate water during cold periods [Boyle and Keigwin, 1987; Dansgaard et al., 1993; Oppo and Lehman, 1995] .
[49] Figures 10a -10c show snapshots of sea surface temperature over one cycle. During the weakest point, northern sea surface temperature is low and the cold region extends to about the middle of the basin. During an increased overturning event (Figure 10b ), the northern ocean warms, the southern ocean cools and the region of very low temperature in the north shrinks to about half. In Figure 10c , the region of low sea surface temperature expands southward, returning to the original state. Thus the conditions in the modeled North Atlantic oscillate between a warm climate with high-latitude sinking, which is similar to or slightly cooler than the present day Holocene climate, and a cold glacial climate with midlatitude sinking.
[50] Figures 10d-10f show sea surface salinity snapshots over one cycle. At the weakest point (Figure 10d ), lowsalinity water pools over northern latitudes. During a rapid overturning event, the range of sea surface salinity is reduced; high latitudes become more saline and low latitudes become slightly less saline. This is consistent with northern latitude freshening during cold periods found by various workers [Duplessy et al., 1991; . Some theo- ries, such as the salt oscillator hypothesis, predict that lowered sea surface salinity, due to oscillations in continental ice, caused cooling cycles during the last glacial period [Broecker et al., 1990; MacAyeal, 1993] . In some contrast, our results suggest that southward expansion of sea ice caused weakness and variability in the thermohaline circulation during the last glacial period, and lowered sea surface salinity occurred during the weak stage in the variable circulation.
''Warm Climate With Freshening''
[51] In these experiments we explore changes in the ocean circulation which occur with increased freshwater forcing in a warm climate. As in our cooling experiments we start with the warm control experiment where e = 0.71 (Holocene climate) but here we increase the latitudinal freshwater forcing without changing the temperature forcing (emissivity held constant). We conduct four experiments where we increase the freshwater forcing by multiplying the baseline freshwater flux (Figure 1 ) by 1.3, 1.6, 2.0 and 4.0.
[52] Figure 11 shows a middle-longitude slice of meridional overturning circulation (velocity vectors) for our four ''warm climate with freshening'' experiments. The multiplier for the baseline freshwater forcing is shown above each panel. The radiative forcing in all of these experiments is that of a warm Holocene climate.
High-Latitude Sinking
[53] There are no oscillations in our warm climate experiments. In all four ''warm climate with freshening'' experiments the circulation reaches a steady state after about 2500 years. High-latitude convection is present in all but the freshest of these experiments (4.0Â, Figure 11 ). This strong high-latitude convection is representative of the circulation expected in a warm Holocene climate. Eventually, the freshwater forcing becomes high enough (4.0Â) to shift the circulation to salinity-driven reverse overturning.
Midlatitude Sinking
[54] In these warm climate results, the circulation never shifts to midlatitude sinking as it did in our cold climate experiments and there is no millennial period variability.
[55] Increased freshening in a warm climate produced results that are very different from the ''cooling without freshening'' results and our ''warm climate with freshening'' results do not match the geologic record for the last glacial period. Specifically, there is no evidence for reverse overturning in recent times or during the last glacial period and we expect that such extreme surface conditions are unlikely for either of those periods.
Four-Box Coupled Model Experiments
[56] To further explore the robustness of our results, we conducted two sets of similar experiments with our four-box ocean model. The simplicity of the box model helps to show clearly why midlatitude sinking is present in the ''cooling without freshening'' results and absent from the ''warm climate with freshening'' results. There is no variability in our box model results, but the circulation changes that weaken meridional overturning and lead to variability are similar in both the box model and the three-dimensional model results.
''Cooling Without Freshening'': Box Model Results
[57] In our box model ''cooling without freshening'' experiments we cool the atmosphere by reducing the atmosphere restoring temperature (T hres , T lres ) while holding the surface temperature gradient constant (T hres À T lres = 36 K). In these experiments the freshwater forcing (Fs) is constant at 0.55 m yr
À1
. Figure 12 (top) shows the density (''y'' axis) for all four ocean boxes in the box model ''cooling without freshening'' experiments. The ''x'' axis is the high-latitude atmosphere restoring temperature (T hres ).
Results
[58] When the high-latitude restoring temperature is above 259 K, the high-latitude surface box (magenta) is the densest box (Figure 12, top) . Since the deep-ocean box (green) is less dense, convection is occurring between the high-latitude and deep-ocean box. This circulation pattern is present when boundary conditions most like those expected during a Holocene climate are applied [Sarnthein et al., 1995] .
[59] When the high-latitude restoring temperature falls below 259 K the midlatitude box (red) becomes the densest so there is convection between the midlatitude and deepocean boxes. When the high-latitude restoring temperature is around 258 K, the high-latitude box (magenta) becomes completely covered by sea ice, and sea ice starts to form on the midlatitude box (red).
[60] In experiments with a very cold atmosphere, the midlatitude box becomes completely covered in ice ($244 K), and the low-latitude box (blue) becomes the densest. In this very cold state, the temperature driven northern and midlatitude sinking ceases and salinity driven low-latitude sinking occurs.
[61] In each colder experiment, sea ice expands and the four-box model circulation progresses from northern sinking, to midlatitude sinking and finally to reverse overturning. This is consistent with the circulation pattern of our three-dimensional results [Boyle and Keigwin, 1987; Duplessy et al., 1988] .
Sea Ice Role
[62] It is the expanding sea ice that causes the box model circulation changes because it results in an effective decrease in the ocean surface temperature forcing (even though the gradient of the atmosphere temperature forcing remains constant). To understand why, consider the case where the high-latitude box is completely covered in ice. Further reduction in the atmosphere temperature does not change the restoring temperature of the high-latitude box because the ocean temperature cannot drop below the freezing point; however, the midlatitude and low-latitude boxes can continue to cool toward the freezing point. This ''flattens'' the temperature gradient at high-latitudes and reduces the overall forcing temperature gradient at the ocean surface. In the extreme cold case, all of the surface boxes would be covered in ice and the temperature gradient at the surface of the ocean would be zero. In this case, the surface forcing would depend purely on the freshwater forcing gradient (EÀP).
[63] We find a similar result with the three-dimensional model. Cooling the atmosphere (when sea ice is included) fixes the ocean restoring temperature, in ice covered regions, at 271 K. This causes a flattening of the temperature gradient at high latitudes, and an overall reduction in the gradient of the temperature forcing at the surface of the ocean. The sinking region shifts southward of the constant temperature region, and weakens and destabilizes the deep circulation, leading to the modeled Dansgaard-Oeschgerlike cycles. (Figures 10d and 10f ) the high-latitude sea surface freshens. See color version of this figure at back of this issue.
''Warm Climate With Freshening'': Box Model Results
[64] In these experiments the high-latitude restoring temperature (T hres ) is set to 264 K, and the low-latitude restoring temperature (T lres ) is set to 300 K to simulate a warm climate. Instead of cooling the atmosphere, we increase the freshwater forcing (F s ) from 0.55 m yr À1 to a maximum of 1.80 m yr À1 .
[65] When the freshwater forcing is between 0.55 and 1.60 m yr À1 (Figure 12, bottom) , the high-latitude box is the densest and strong convection is occurring between the high-latitude box and the deep-ocean boxes. When the freshwater forcing is greater than 1.6 m yr À1 , the lowlatitude box becomes the densest, and reverse salinitydriven convection sets in.
[66] In our models only cold conditions, with expanded sea ice, produce the midlatitude convection which may have existed during the last glacial period [Boyle and Keigwin, 1987; Oppo and Lehman, 1993] . Increasing salinity forcing in a warm climate causes the model to transition directly from high-latitude sinking to low-latitude sinking when salinity forcing reaches 1.6 m yr À1 . These differences are explained by the difference in the shape of the curve for surface temperature forcing and salinity forcing. The temperature forcing ''flattens'' at high latitudes as sea ice expands. The salinity forcing of the high-latitude box increases with respect to the low-latitude box. We have not conducted experiments with a ''flattened'' high-latitude salinity gradient because there is no obvious natural mechanism for prolonged flattening of the high-latitude salinity gradient in the North Atlantic Ocean. Thus there is no shift to midlatitude sinking in the ''warm climate with freshening'' experiments as in the ''cooling without freshening'' where the ocean surface temperature forcing gradient flattens naturally because of expanded sea ice.
Conclusion and Discussion
[67] In this paper we have explored mechanisms for glacial climate variability using a three-dimensional ocean model coupled to an energy balance atmosphere, and using a simpler ocean box model. We find that cooling alone, with no additional forms of external forcing or variability, leads to a climate with two of the most significant features of the observed glacial climate:
[68] 1. The glacial climate is less stable and is characterized by intermittent, millennial-scale oscillations similar in many ways to Dansgaard-Oeschger cycles.
[69] 2. The glacial ocean circulation is generally weaker with shallower Northern Hemisphere overturning, and the deep water formation region is shifted equatorward of the present sinking region. Figure 11 shows the results of experiments where we start with a warm climate (e = 0.73) and increase the surface freshwater forcing by multiplying the baseline forcing by 1.3, 1.6, 2.0 and 4.0. All of these warm experiments (except the times 4.0Â experiment) have strong deep water formation at the northern boundary and no oscillations. In the 4.0Â experiment, there is weak reverse overturning circulation.
[70] Both of these features are a consequence of the growth of sea ice. Sea ice inhibits the loss of buoyancy at high latitudes and leads to a generally weaker and shallower overturning circulation with midlatitude (rather than high latitude) sinking near the edge of the ice sheet. (This is consistent with Boyle and Keigwin's [1987] finding that North Atlantic Deep Water production was replaced by increased southern sinking intermediate water during cold periods.) This circulation is unstable, and millennial-scale oscillations are produced. During these events, the overturning circulation is much stronger and high latitudes are considerably warmer than normal for glacial periods.
[71] Sea ice also plays a role in the sawtooth-shaped atmospheric temperature profile which is apparent during overturning oscillations (Figure 6 ): Melting sea ice enhances rapid warming at the beginning of a cycle, and the meridional overturning circulation is able to quickly spin up and warm high latitudes. The subsequent cooling is more gradual, but the increase in albedo and the insulating effect of sea ice cause rapid cooling at the end of a warming cycle. That sea ice is important is consistent with the models of Gildor and Tziperman [2000] and Kaspi et al. [2004] , in which sea ice switches enhance the abrupt atmospheric temperature changes at northern latitudes, where sea ice is melting and freezing.
[72] The simulated features of oscillations are generally consistent with observed Dansgaard-Oeschger cycles, and several aspects that both the model and observations have in common are (1) high-latitude sawtooth-shaped temperature profile, (2) warm events occurring approximately every 2500 years, (3) higher-amplitude warm events occurring approximately every 7000 years, (4) high-latitude sea surface temperature change of 2°C over a cycle, and (5) highlatitude atmosphere temperature change of the order of 15°C over a cycle.
[73] Of course, some of these numbers are dependent upon parameters in the model. For instance, when the diffusivity parameter is reduced the oscillation period lengthens (because it then takes longer to warm the deep ocean to the point of instability), but the period remains between 1000-3000 years over a broad range of diffusivity values. Nevertheless, it is notable that the model can reproduce many of the features of the observed glacial climate without additional external forcing and without excessive tuning.
[74] High-latitude freshening in a warm climate impacts the thermohaline circulation and climate very differently than overall cooling of the climate. In general, the highlatitude sinking in our warm climate integrations is very stable. From our three-dimensional results we estimate that, when the climate is warm, the freshwater forcing at the surface has to be quadrupled to cause a shift to weak reverse overturning. Furthermore, such freshening alone does not produce a shift to midlatitude sinking or variability such as occurred during glacial periods.
[75] We find that neither stochastic forcing (emulating weather) nor a seasonal cycle is necessary to produce variability in our experiments, but neither does their presence damp such variability. In particular, the millennialscale variability is also present in experiments which include a seasonal cycle.
[76] Millennial variability is also present in experiments without stochastic forcing. Figure 13 shows a time series for temperature in the e = 0.73 experiment without stochastic forcing. Without stochastic forcing the warming events are more regular in period and amplitude. Stochastic forcing increases the amplitude variation for warming events causing the higher-amplitude warming events approximately every 7000 years and increases the variability of the model climate between major cycles, but has only a small effect on shape or period of the large-magnitude cycles. In these experiments the circulation transitions from high-latitude convection to midlatitude convection and finally to low-latitude convection. (bottom) Density for each box in experiments where we increased the high-latitude freshwater forcing in a warm climate. The shift to midlatitude convection does not occur in these warm climate results, and the circulation shifts directly from high-to low-latitude sinking when sufficient freshwater forcing is applied. See color version of this figure at back of this issue.
[77] Finally, let us mention a main limitation of this work, namely the use of a single-hemisphere ocean basin. This cannot correctly represent the geography of the North Atlantic Ocean and so features such as exact latitude or depth of a particular event cannot be credibly compared to the geologic record. This of itself is of little consequence, but perhaps more seriously, interhemispheric phenomena cannot be modeled, and so one might argue the model is seriously deficient. However, we may invert such reasoning, and argue that the ability of the simple model to produce reasonably realistic circulation has allowed the essential mechanism to be extracted more easily, and further suggests that interhemispheric variations, while certainly present in the historical record, are a consequence and not a cause of a mechanism that has its roots in the North Atlantic. A related issue is that in some theoretical and numerical models of the overturning circulation, an important role is played by the wind forcing in the Antarctic Circumpolar Current [Toggweiler and Samuels, 1998; Vallis, 2000] . However, in addition to that wind, the presence of a source of dense water in the North Atlantic is necessary to produce such a circulation, and sea ice cover in the North Atlantic will certainly affect this. In that case, of course, the value of the diffusivity would play a lesser role. Clearly, the next step is to use a more realistic model that allows interhemispheric and even interbasin exchanges, for these are important aspects of the real climate system.
[78] In summary, our results support the notion that the overturning circulation of the ocean plays a significant role in the variability of glacial climates. More specifically, we suggest that cooling and the growth of sea ice and the corresponding weakness and instability of the overturning circulation are responsible for this variability, and we have offered a mechanism whereby this may occur. The mechanism is sufficient to explain the presence and some of the properties of Dansgaard-Oeschger cycles during glacial cycles and the relative stability of the Holocene.
Appendix A
[79] The equations for the four-box model are Ocean salinity equations:
Figure 13. Time series of atmospheric temperature in the e = 0.73 experiments without stochastic forcing. There is less variability in the amplitude and period of the temperature oscillations when no stochastic forcing is applied compared to oscillations with stochastic forcing.
[80] T hres and T lres are atmosphere restoring temperatures. The equations for the high-and low-latitude atmosphere temperature (T ah , T am ) are solved for the steady state condition where dT ah /dt = 0.0 and dT al /dt = 0.0. The fractional ice cover (a) varies linearly with the associated atmosphere temperature. When the atmosphere temperature (T ah , T am ) is 271 K or above there is no ice (a = 0), and when the atmosphere temperature is 261 K or below, the associated box becomes completely covered with ice (a = 1.0). Additional constants used in this model are taken from Winton [1993] and Rahmstorf [1994] and are summarized in Table A1 .
[81] To provide for convective adjustment, when the water column becomes unstable, (r(T {l,h} , S {l,h} ) > r(T d , S d )), M ld , M hd and M md are multiplied by 10 [Winton, 1995] . Surface density for ''cooling without freshening'' experiments. In the warmest experiment (e = 071) the highest density water is along the northern boundary where deep water is forming. In the cold experiments (e = 0.72 to 0.80) the sinking region shifts southward. In the coldest experiment (e = 0.85) the highest-density water is along the southern boundary, and there is weak reverse overturning.
PA4024 LOVING AND VALLIS: GLACIAL CLIMATE VARIABILITY PA4024 Figure 6 . Atmosphere-temperature time series for two warm events in the e = 0.73 ''cooling without freshening'' experiment. The high-latitude atmosphere temperature change is out of phase with the lowlatitude temperature change. The low-latitude temperature change is gradual, and the temperature change at high latitudes is more abrupt and higher amplitude. The small-amplitude warm event displays the distinct sawtooth profile for the high-latitude atmosphere temperature. (Figures 10d and 10f ) the high-latitude sea surface freshens. In these experiments the circulation transitions from high-latitude convection to midlatitude convection and finally to low-latitude convection. (bottom) Density for each box in experiments where we increased the high-latitude freshwater forcing in a warm climate. The shift to midlatitude convection does not occur in these warm climate results, and the circulation shifts directly from high-to low-latitude sinking when sufficient freshwater forcing is applied.
